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Abstract Long-term observations from a 17 year long mooring array at the exit of the Labrador Sea at
538N are compared to the output of a high-resolution model (VIKING20). Both are analyzed to deﬁne robust
integral properties on basin and regional scale, which can be determined and evaluated equally well. While
both, the observations and the model, show a narrow DWBC cyclonically engulﬁng the Labrador Sea, the
model’s boundary current system is more barotropic than in the observations and spectral analysis indicates
stronger monthly to interannual transport variability. Compared to the model, the observations show a
stronger density gradient, hence a stronger baroclinicity, from center to boundary. Despite this, the
observed temporal evolution of the temperature in the central Labrador Sea is reproduced. The model
results yield a mean export of North Atlantic Deep Water (NADW) (33.06 5.7 Sv), which is comparable to
the observed transport (31.26 5.5 Sv) at 538N. The results also include a comparable spatial pattern and
March mixed layer depth in the central Labrador Sea (maximum depth 2,000 m). During periods contain-
ing enhanced deep convection (1990s) our analyses show increased correlation between LSW and LNADW
model transport at 538N. Our results indicate that the transport variability in LSW and LNADW at 538N is a
result of a complex modulation of wind stress and buoyancy forcing on regional and basin wide scale.
1. Introduction
The Atlantic Meridional Overturning Circulation (AMOC) plays an essential role in our climate system by
facilitating the meridional exchange of heat, mass, fresh water, and tracer within the Atlantic basin (Lozier,
2012). The Gulf Stream and its northern extension, the North Atlantic Current, constitute the upper limb of
the northern AMOC. Both transport warm and salty waters to the northeast Atlantic (Figure 1). From there
the surface current bifurcates into a ﬂow toward the Nordic seas, via the Iceland-Scotland Ridge, and a ﬂow
toward the Irminger Sea across the Reykjanes Ridge (Church, 2007; Siedler et al., 2001). Heat loss from the
ocean to the atmosphere mostly during the winter season combined with the regional circulation pattern
facilitate deep mixing and convection at various locations in the Nordic Seas, the Irminger Sea, and the Lab-
rador Sea (Lazier, 1973; Lazier et al., 2001; Marshall & Schott, 1999). The newly formed North Atlantic Deep
Water (NADW) interacts in a complex way with the boundary current systems and it eventually merges and
ﬂows southward as part of the Deep Western Boundary Current (DWBC) (Dickson & Brown, 1994; Molinari
et al., 1998) and some interior pathways within the basin (Bower et al., 2009). The DWBC connects high-
latitude regions, where deep water is formed, with the global ocean (Buckley & Marshall, 2015). These deep
ﬂows are the other key component of the AMOC and form its lower limb (Lozier, 2010).
The southward ﬂow of the North Atlantic Deep Water (NADW) in the subpolar North Atlantic occurs largely
in the DWBC along Greenland and the American continent. It is observed in a depth range between 400
and 4,000 m and has a volume transport estimated to range from about 10 to 40 Sv (Buckley & Marshall,
2015; Dengler et al., 2004; Mertens et al., 2014; Schott et al., 2004, 2006; Send et al., 2011; Toole et al., 2011,
2017b). At 538N, the NADW exits the Labrador Sea (Figure 2) (Dengler et al., 2006; Dickson & Brown, 1994;
Fischer et al., 2004; Pickart et al., 2002; Zantopp et al., 2017).
Along the Labrador shelf the oceanic currents reveal the following structure (Figures 1 and 2): a shallow Lab-
rador Current transports cold fresh water of Polar and Hudson Bay origin, while the DWBC advects all three
NADW components southward and contributes to the transport of ocean properties such as heat,
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freshwater, oxygen, and carbon dioxide (Haine et al., 2008; Pickart et al., 1997; Sabine et al., 2004; Yashayaev
et al., 2007). The shallowest component of the NADW, commonly called Labrador Sea Water (LSW), is mainly
modiﬁed at the deep convection site in the center of the Labrador Sea but is also modiﬁed in other regions
like the Irminger Sea (reviewed by, e.g., Marshall and Schott (1999), Pickart et al. (2003), and Kieke et al.
Figure 1. Schematic map of the subpolar North Atlantic with the pathways of the Gulf Stream, North Atlantic Current
(NAC) (red), and components of the Deep Western Boundary Current (DWBC) (blue dashed). The current names are super-
imposed in white to their schematic pathway (West Greenland Current (WGC), East Greenland Current (EGC)). The names
of the deep-water masses are inserted in thick blue (Labrador Sea Water (LSW), Denmark Strait Overﬂow Water (DSOW),
and Northeast Atlantic Deep Water (NEADW)). The yellow lines mark the 538N mooring array and the AR7W hydrographic
section. The white circle marked with the C shows the schematic position of the convection area in Labrador Sea. The
white dashed lines show possible export pathways of LSW from the convection area into the subpolar North Atlantic.
Figure 2. Mean velocity ﬁeld along the 538N section, computed from (a) LADCP and mooring data (1997–2014); (b) the horizontally and vertically subsampled
model output (1958–2009), and (c) from the full resolution model output from VIKING20 (1958–2009). The mean velocity ﬁelds are superimposed by isotachs in m
s21 (white) and r2 and r0 mean isopycnals. Additionally the 0 isotach is marked in dotted black. Blue velocities are directed to the southeast and red velocities are
directed to the northwest.
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(2006)). The lower NADW (LNADW) is composed of two water masses that enter the subpolar basin by cross-
ing the shallow sills of the Greenland-Scotland Ridge. The upper component of the LNADW, the Northeast
Atlantic Deep Water (NEADW), enters the Irminger Sea via troughs in the Reykjanes Ridge and the Charlie
Gibbs Fracture Zone (CGFZ) (Dengler et al., 2006; Hansen & Østerhus, 2000; Jochumsen et al., 2015; Østerhus
et al., 2001), whereas the deeper component of the NADW, the Denmark Strait Overﬂow (DSOW) enters the
northwest Atlantic (Irminger Sea) via the Denmark Strait (Macrander et al., 2005; Swift et al., 1980; von
Appen et al., 2014).
Actively investigated and subject to debate is the understanding of the detailed mechanisms that control
the variations in the strength of the water mass transformation and the DWBC transport and its connections
to the AMOC (B€oning et al., 2006; Lozier, 2010; Mielke et al., 2015). The AMOC transport variability appears
to imprint on sea surface temperatures, which in turn strongly inﬂuence the climate as a whole (Eden &
Greatbatch, 2003; Marshall et al., 2001). Coupled climate models suggest that the strength of the AMOC will
change in future decades under a warming climate (Cubasch et al., 2001; Gregory et al., 2005; Stocker et al.,
2014). In observation and modeling studies, AMOC transport time series, derived in the subtropical and sub-
polar gyres, do not appear to be meridionally coherent on interannual time scales. In contrast, on decadal
time scales model and observational AMOC transport estimates generally exhibit meridional coherent
modes of variability (Bingham et al., 2007; Buckley & Marshall, 2015; Mielke et al., 2015; Wunsch & Heim-
bach, 2013).
However, observations documenting the AMOC dynamics and its hydrographic properties are, due to its
spatial extent and complexity, sparse and often of short duration (B€oning et al., 2016; Le Bras et al., 2017;
Longworth & Bryden, 2007; Mielke et al., 2015; Srokosz et al., 2012; van Sebille et al., 2011). In the past two
decades, multiple efforts were undertaken to measure the AMOC continually and directly with a combina-
tion of shipboard, satellite, Argo, and moored measurements at key sections across the Atlantic basin, e.g.,
Ovide (Mercier et al., 2015), RAPID-MOCHA-WBTS (Smeed et al., 2016), OSNAP (Lozier et al., 2017), and
SAMOC/SAMBA (Perez et al., 2011). All of these multination projects survey the Atlantic basin on a particular
east-west section. For model evaluation, usually one or more of these existing AMOC transport time series is
used as a benchmark.
While the observational time series are long enough for the analysis of the high-frequency spectrum, they
contain signiﬁcantly less information about the decadal variability of the MOC in the northern North Atlantic
(Mercier et al., 2015). Therefore, smaller scale projects measuring the transports of the DWBC, which exist
for longer time spans, can be very useful to understand the multiannual to decadal variability of the AMOC
(Hummels et al., 2015; Toole et al., 2017a; Zantopp et al., 2017). Still, ﬁnding correlations and enhanced
coherence on multiannual to decadal time scales between AMOC transport and the transports of the DWBC
remains a challenge.
One of the DWBC transport records available is from the 538N mooring array in the Labrador Sea. The array
captures all three NADW constituents that exit the Labrador Sea at 538N via the DWBC. First installed in
1997, it spans almost two decades until 2016, and is arguably one of the longest arrays in the open ocean
(Fischer et al., 2004, 2010; Zantopp et al., 2017). In the following, transport time series, hydrography, and
current structure from the 538N observatory and the output of the high-resolution eddy-resolving NEMO-
based ocean general circulation model VIKING20 (Behrens, 2013; B€oning et al., 2016) are compared with
focus on the intermediate and deep circulation. The model successfully reproduces key features of the
North Atlantic circulation and provides 60 years (1948–2009) of monthly mean data (Behrens, 2013; Behrens
et al., 2017; B€oning et al., 2016; Breckenfelder et al., 2017; Mertens et al., 2014). The model output facilitates
the study of the longer-term variability of the DWBC transport magnitude in the Labrador Sea (e.g., at 538N
off the Labrador shelf break), and helps to interpret observational features in conjunction with the AMOC.
One of the major goals of the present study is to identify and derive integral quantities that can be equally
well determined from model data and observations. On the basin scale these include convection depth and
location in the Labrador Sea and gyre scale baroclinicity. On regional scales, we examine integral circulation
elements and their spatial and temporal variability. In section 2, the observational and model data sets used
for the study are described and the methods to derive the different integral quantities are explained. Sec-
tion 3 presents the comparison of dynamic and hydrographic properties as simulated and observed. In sec-
tion 4, the results are discussed.
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2. Data and Methods
2.1. Observational Data
Long-term hydrographic observations are available for the central Labrador Sea from a variety of sources. They
include data from OceanWeather Ship BRAVO (OWS; 1928 until 1974), CTD sections (regular occupation of Atlan-
tic Repeat Hydrography Line 7 West (AR7W) since 1990), and proﬁling Argo ﬂoats (Holte & Straneo, 2017; Lazier,
1973; Lazier et al., 2002; Pickart et al., 2002; Yashayaev et al., 2015; Yashayaev & Loder, 2016). Due to ice along the
shelf and harsh winter weather conditions in the Labrador Sea, the hydrographic and shipboard velocity data are
seasonally biased toward the summer months whereas data from the moorings, Argo and the OWS are season-
ally unbiased (Higginson et al., 2011). The seasonal bias, could be aliasing the low frequency variability observed
in the region. Data on circulation properties are rare and long-term observations of the DWBC are just available
for the past two decades. By using all available data from the hydrographic section AR7W, the OWS and Argo
ﬂoats in the central Labrador Sea (Holte et al., 2017; Yashayaev & Loder, 2016), the temporal and spatial coverage
permits a good view of the evolution of hydrographic properties in the central Labrador Sea (Figure 3a).
The setup of the mooring array at 538N/518W (the 538N observatory) is thoroughly discussed and described in
earlier publications; we refer to Zantopp et al. (2017) and include only a brief description herein. The moorings
are located at strategically chosen positions to simultaneously sample all three North Atlantic Deep Water
(NADW) constituents of the DWBC exiting the Labrador Sea at 538N. The array reveals a complex velocity
structure (Figure 2) (Dengler et al., 2004; Fischer et al., 2004, 2010). The high-resolution temporal sampling
(12 h subsampled) and the dense spatial coverage of the moored stations facilitate the computation of trans-
port time series (Figure 4) and their inherent variability at different time scales. It has been pointed out that
the 538N transport signals contain a superposition of multiple time scales from days to decades. Potential
decadal changes of the transport could arise from variations in the subarctic deep-water formation or from
large-scale decadal wind forcing. Regional wind forcing on the other hand may possibly cause high-frequency
ﬂuctuations (e.g., interannual to multiannual). The two forcing mechanisms, wind stress curl on the large scale
and wind stress on the regional scale, are difﬁcult to detangle (Baehr et al., 2008; Fischer et al., 2014).
Additionally 13 hydrographic surveys have been conducted during the bi-annual maintenance cruises for
the mooring array. Almost two decades of data from the 538N array, from 1997 to 2014 are used in this
paper (Figure 4).
Figure 3. Time-depth evolution of annual potential temperature (colors, white contours) superimposed with potential
density lines referenced to 2,000 m (r2, red). (a) Observational data from the central Labrador Sea as published in
Yashayaev and Loder (2016) and (b) output from the model VIKING20 in the central Labrador Sea. A constant offset of
0.58C was subtracted from the model data (Behrens, 2013).
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2.2. Ocean Circulation Model
The ocean circulation model VIKING20 (Behrens, 2013; B€oning et al., 2016) is based on the ocean-sea ice
model NEMO-LIM2 (Fichefet & Maqueda, 1997; Madec, 2008). It includes an Adaptive Grid Reﬁnement in
Fortran nest (AGRIF two-way nesting) (Debreu et al., 2008; Sheng et al., 2005) to enhance the horizontal res-
olution between 328N and 858N in the subpolar North Atlantic. Speciﬁcally, a 1/208 eddy-resolving nest
(3 km resolution near Greenland) was embedded within a 1/48 global eddy-permitting conﬁguration of
NEMO (ORCA025), which is developed within DRAKKAR (Barnier et al., 2015).
VIKING20 contains 46 vertical levels ranging in thickness between 6 m at the surface and 250 m below
1,000 m. The reﬁned model nest in the subpolar North Atlantic beneﬁts from very high resolved bathymetry
from ETOPO2 (ETOPO, 2001) and GEBCO (Ioc, 2008) and the implementation of partially ﬁlled bottom cells.
This is especially reﬂected in realistic depiction of the steep slopes of the shelf breaks and boundary current
Figure 4. Southeastward transport time series for the section at 538N at monthly resolution (grey) and 2 year low-pass ﬁl-
tered (black). (a) LSW and (d) LNADW transport computed from observations at 538N array (Zantopp et al., 2017). (b) LSW
and (e) LNADW transports computed from horizontally and vertically subsampled VIKING20 at 538N section (Su VIKING20).
(c) LSW and (f) LNADW transport computed from full resolution VIKING20 output at 538N observatory.
Journal of Geophysical Research: Oceans 10.1002/2017JC013702
HANDMANN ET AL. 2833
regimes. The six-decades long hind-cast simulations from 1948 to 2009 were forced with the Co-ordinated
Ocean-ice Reference Experiments forcing data set (CORE.v2) (Grifﬁes et al., 2009; Large & Yeager, 2009). Due
to a persistent drift in the hydrography in the ﬁrst 10 years after the spin-up period (1948–1958), the model
output from 1958 to 2009 is used here.
Common weaknesses of ocean models in dynamically complicated regions with low stratiﬁcation and topo-
graphic steering are: (i) the proper representation of scales and position of important circulation elements
(e.g., Gulf Stream, NAC) (Breckenfelder et al., 2017), (ii) inadequate representation of the underlying topogra-
phy, (iii) a strong drift in water mass properties, and (iv) the representation of the overﬂow components
(Treguier et al., 2005). These reasons make it difﬁcult to directly compare model results from eddy-
permitting or coarser resolution models to observations.
Now with the availability of the high-resolution model VIKING20 (1958–2009) as well as longer observational
data of surface drifters (1979-ongoing) (Flatau et al., 2003; Reverdin et al., 2003) and Argo data (2000-ongo-
ing) (Bower et al., 2002; Lavender et al., 2000), as well as almost two decades of Eulerian current measure-
ments at 538N section (1997-ongoing) a quantitative comparison with the hind-cast model output and data
is possible.
VIKING20 is capable of representing the properties of the circulation in the subpolar North Atlantic in mag-
nitude and scale (Figure 5). Relative to previous attempts to simulate the subpolar North Atlantic, VIKING20
Figure 5. Mean March mixed layer depth (MLD) super imposed to the mean velocity ﬁeld at 1,500 m derived from (a)
Argo velocity data from 1999 to 2017 (Lebedev et al., 2007) and Argo climatology (Holte et al., 2017) and from VIKING20
model output for the time intervals of (b) 1958–2009, (c) 1990–1998, and (d) 1999–2009. Colors represent the depth and
the arrows represent the velocities in all ﬁgures.
Journal of Geophysical Research: Oceans 10.1002/2017JC013702
HANDMANN ET AL. 2834
improves the representation of the scales and location of the DWBC, the eddy ﬁeld in the North Atlantic
and the location of the convection region (B€oning et al., 2016, further discussion in section 2.3). In both, the
model and the observations, the Labrador Sea circulation is characterized by a 100–150 km wide cyclonic
boundary current and anticyclonic recirculation (return ﬂow) (B€oning et al., 2016; Lavender et al., 2000) in
the interior of the Labrador Sea (Figures 3 and 5). Large-scale model features of the North Atlantic circula-
tion are comparable to observations (e.g., altimetry data, observed transport, etc.), and even local conditions
and circulation details are well represented by VIKING20. As one important example, the model simulates
the local circulation elements in the Denmark Strait and north of Iceland. This is mainly achieved by the ﬁne
model mesh, which allows explicit resolution of mesoscale features in the complex current system (Behrens
et al., 2017).
However, details such as the location of the Northwest Corner and the zonal NAC pathway may differ with
observations (Breckenfelder et al., 2017). Moreover, VIKING20 is too warm and salty in the subpolar North
Atlantic in comparison with observed hydrography. This complicates the comparison of water mass trans-
ports and requires adaptation of the water mass boundary deﬁnitions used in the model (Xu et al., 2012)
(further discussion in section 2.3).
2.2.1. Model Atmospheric Forcing
In the northern hemisphere, the North Atlantic Oscillation is the most important mode of atmospheric vari-
ability which is closely related to the strength of the westerly winds blowing across the North Atlantic
Ocean between 408N and 608N (Greatbatch, 2000; Hurrell, 1995; Hurrell & Deser, 2010). During high North
Atlantic Oscillation (NAO), stronger than normal westerly winds bring cold and dry air over the Labrador
Sea that can enhance convection depths to 2,000 m (Marshall & Schott, 1999). Understanding the interac-
tion between wind stress forcing and the ocean surface on the large scale and on the regional scale is still a
matter of current research and plays a major role in elucidating ocean dynamics.
VIKING20 is an ocean-only model simulation (no active atmosphere) using an atmospheric forcing based on
the interannually varying CORE.v2 (Grifﬁes et al., 2009; Large & Yeager, 2009) atmospheric forcing, which is
a reanalysis product for atmospheric quantities, such as radiation and precipitation. The precipitation north
of 628N was reduced by 10% to account for uncertainties in the freshwater ﬂuxes in CORE.v2 reanalysis and
counter act a long-term drift in water masses (Behrens et al., 2013). The atmosphere-ocean ﬂuxes are
deﬁned by bulk formula described in Large and Yeager (2009). In the following discussion, the VIKING20
output was used to compute the wind stress curl from the model wind stress and the sea level pressure
from the applied atmospheric forcing CORE.v2 was used to compute the NAO index. We veriﬁed that the
observed NAO was well reproduced in the model output in order to work on the relationships between the
modeled transport time series of the DWBC and the atmospheric model parameters (e.g., NAO, wind stress
curl).
The tri-polar model output from VIKING20 was projected onto a Mercator grid to avoid errors due to grid-
rotation. Wind stress curl and NAO were calculated for the area deﬁned in Hurrell (1995): 908W–408E, 208N–
808N. The ﬁrst principal component (PC1) of the North Atlantic winter sea level pressure (NAO winter index
(djfm)) was calculated via EOF analysis from the detrended model output and is highly correlated to the
commonly used NAO index in observations (PC1 based) (Hurrell, 1995). Furthermore, the winter wind stress
curl (djfm) PC1 computed from VIKING20 is highly correlated to the NAO djfm index (0.776 0.1). The
VIKING20 output reproduces the spatial pattern of the ﬁrst EOF mode of the observed wind stress curl pub-
lished in H€akkinen and Rhines (2004).
2.3. Model Hydrography and Water Mass Boundaries
Transport comparisons between model and observations for different water masses require consistent
water mass boundary deﬁnitions. Even though the salinities in the model are very different and the poten-
tial temperature in the central Labrador Sea is about 0.58C warmer in VIKING20 than in the observations, the
changes in model temperatures over the past two decades (1995–2009) reproduce the observed tempera-
ture increase of 0.58C/decade (not shown) (Behrens, 2013; B€oning et al., 2016; Zantopp et al., 2017). As a
consequence of the different model hydrography, isopycnals are located shallower in the model than in the
observations (Figures 2 and 3). Thus, the deﬁnition of the model water mass boundary between LSW and
LNADW needs to be adjusted. This need for water mass boundary adjustment is known from other models
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as well (Xu et al., 2013). We ﬁrst validated the spatial and temporal structures of the mixed layer depth and
then computed the model water mass boundary as described below.
On the basin scale, we investigate the open ocean convection in both model and observations. The mean
March mixed layer depth (MLD, diagnosed from a density difference criterion: Dr05 0.01 kg/m
3) was used to
determine the structure and depth of convection (Yashayaev & Loder, 2009). In observed hydrographic data,
the deep convection in the Labrador Sea is conﬁned within a small region in the southwest part of the basin
reaching a mean depth of 1,200 m (Figure 5) and a maximum depth of about 2,000 m (Figure 3) (Holte et al.,
2017; Lavender et al., 2000; Pickart et al., 2002; Yashayaev & Loder, 2016; Zhu et al., 2014). Previous studies of
ocean circulation models (OGCMs) demonstrated a limitation in their ability to represent deep convection in
the Labrador Sea (Swingedouw et al., 2013; Treguier et al., 2005; Willebrand et al., 2001; Zelenko & Resnyansky,
2007; Zhu et al., 2014), thus we will only give a brief description of the possible challenges. OGCMs (coarse-res-
olution as well as some high-resolution) often show excessive, almost bottom reaching convection and if they
are noneddy resolving they tend to misrepresent the convection pattern. Factors limiting the ability of the
OGCMs are very diverse and include uncertainties from the subgridscale parameterizations (mesoscale pro-
cesses), surface forcing, and unresolved physical processes. VIKING20 resolves mesoscale processes due to its
horizontal resolution (3 km). Its mean March MLD (Figure 5b) is located near the boundary current regime
and the general pattern is very regular, even though it is shifted to the west relative to observations. The mean
March MLD pattern of VIKING20 captures the observed depth and location more realistically in contrast to
coarser resolved models, such as the standalone base model ORCA025 (Figure 5a) (for further discussion of the
convection in VIKING20 see Behrens, 2013) (B€oning et al., 2016; Marshall et al., 1998; Pickart et al., 2002;
Yashayaev & Loder, 2016). Depending on the convection activity, the MLD pattern is stretched or compressed.
During the period of deep convection (e.g., 1990–1998; Figure 3), the convection pattern in the model is
shifted to the southeast and is more similar to the observed MLD pattern. During the 1990s, the model MLD
features the dynamic ‘‘isolation’’ from the boundary current regime found in the observations. This ‘‘isolation’’
is caused by the recirculation in Labrador Sea and its respective weak advection and its low eddy activity (Fig-
ure 5c). In contrast to this, during years of shallow convection (e.g., 1999–2009), the model convection pattern
is shifted northwestward and extends into the boundary current (Figure 5d).
When winter convection reaches a certain isopycnal a seasonal cycle becomes frequently apparent in the
depth variation of that density surface. Deeper isopycnals are less frequently reached and thus exhibit low
seasonal amplitude with a displacement magnitude of just a few meters (Figure 6c). Thus, isopycnals that
remain unventilated most of the years show low variability in their vertical position. After subtracting a lin-
ear trend and the mean seasonal signal from each isopycnal-depth time series, the standard deviation of
each isopycnal mean depth was computed (Figure 6b). The uppermost isopycnal with the lowest statistical
depth variation reﬂects the deepest ventilation of LSW and thus deﬁnes the water mass boundary between
LSW and LNADW. Below this minimum, the standard deviation of deeper water masses can increase due to
their own formation variability, which also includes seasonal to interannual variability (Behrens et al., 2017).
In contrast to the model data, the observed ship based hydrography is seasonally biased (mostly spring/
summer). Yet, the same method without subtracting the seasonal cycle can be used with the observational
hydrographic data from the central Labrador Sea (Yashayaev & Loder, 2016) (Figures 3 and 6a).
Using this method, the water mass boundary in the observations is found to be at r25 36.975 kg m
23 (Fig-
ure 6a) and in the model r25 37.03 kg m
23 (Figure 6b and Table 1). The observed isopycnal is found at
2,200 m in the central Labrador Sea and at a depth of 1,980 m at 538N observatory whereas the 37.03 kg
m23 isopycnal in the model is found at 2,360 m in the central Labrador Sea and at 2,200 m depth at 538N
array (Figure 6). The water mass boundary found for the observations is in the range of values used in litera-
ture (r25 36.95 kg m
23 (Zantopp et al., 2017), 36.97 kg m23 (van Sebille et al., 2011)). The spatially aver-
aged model isopycnals for the central Labrador Sea reproduce the observed interannual depth variability
(Yashayaev & Loder, 2016). They feature an increase in deep convection between the late 1980s and early
1990s found in observational data (Figure 3). However, the model produces deep convection in the 1980s,
which is not apparent in observations.
2.4. Transport Calculations
Transports for the observed data were taken from Zantopp et al. (2017) and the respective calculations are
explained brieﬂy here. The moored current meter data were rotated to the mean topographic orientation
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and interpolated to a regular grid via two-dimensional (vertical and cross-shore distance) Gaussian interpo-
lation. The used weights and associated spatial scales were deduced from spatially much better resolved
ﬂow ﬁelds from lowered ADCP (LADCP) proﬁles gathered routinely during the mooring maintenance cruises
on each CTD station. Transports were then determined by multiplying the grid dimensions with the interpo-
lated current. The horizontal integration bounds were 498W–528W along the 538N section (Figures 1 and 3).
Vertically, we subdivided the transport layers by either depth levels or density (r0 and r2) deﬁnitions from
observations (Table 1). In Zantopp et al. (2017), it was found that the position of the water mass boundary
(from hydrographic ship sections) at r25 36.95 kg m
23 was very constant and therefore the transports
were calculated with the mean depth level and hence mirror the variability in the velocity ﬁeld.
Since moored arrays usually lack the measurements close to the surface an upper boundary of the DWBC at
400 m was used. This depth is resolved by the 538N array and for consistency we took the same limit for the
model evaluation. For the same temporal resolution in observations and model, monthly means were calcu-
lated from the observational transport time series.
Transports from the model output were calculated by multiplying the monthly mean velocity sections with
the corresponding grid cell area below or above the water mass boundary (with respect to partial cells) and
Figure 6. Mean isopycnal depth with standard deviation (grey) of the detrended data in the central Labrador Sea (cLS).
The thick dashed line marks the mean depth of the isopycnal with the lowest standard deviation in the cLS. The depth of
this same isopycnal at 538N observatory is marked as a dotted line. The r2-value corresponding to the lowest standard
deviation is marked with a circle. (a) Observations (Yashayaev & Loder, 2016). (b) VIKING20 with removed seasonality. (c)
Seasonal amplitude in model and its standard deviation (grey) in the cLS with its minimum of seasonal amplitude at
r25 37.015.
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subsequently integrating grid cells of the desired water mass. The upper boundary to compute the com-
plete NADW transport was held at 400 m. For the ‘‘Mean water mass boundary deﬁnition’’ (Table 1), the mean
position of the isopycnal r25 37.03 kg m
23 was computed for the period from 1958 to 2009. The transports
calculated with this reﬂect only the variability of the velocity ﬁeld, because the area is held constant (similar to
observations). For the ‘‘Monthly water mass boundary deﬁnition’’ (Table 1), the position of the water mass
boundary is computed for every monthly mean. The resulting transport time series of the ‘‘Mean water mass
boundary deﬁnition’’ and the ‘‘Monthly water mass boundary deﬁnition’’ are nearly identical (correlation
greater than 0.996 0.0013 with an average offset of less than 2% of the mean transport). Thus, the respective
transports reﬂect the variability of the velocity ﬁeld and the effect of the varying area due to the variability of
the hydrographic ﬁeld is very small. To calculate the northwestward/southeastward transport (Figure 4) along
the topography, all positive/negative velocities of the 49–528W section at 538N were used. The net transport is
the sum of the southeastward and northwestward transport components (Table 1, Lines 1–3).
The horizontal resolution of the observational data is coarse (mooring array 20–50 km/shipboard lowered
ADCP proﬁle locations 20 km apart) in relation to the horizontal model resolution of the section (3 km).
In contrast, the vertical resolution of the full-depth lowered ADCP velocity data is relatively high (11–
100 m) while the vertical mooring resolution is lower (100–1,000 m) than in the original model output
(6–250 m/46 vertical levels). For comparison, the vertical model resolution near the water mass boundary
of LSW versus LNADW in the model is 200 m.
First, the transports are calculated as described above for the model output resolution. Second, we were
interested in the representation of the transport magnitude and variability in a subsampled model section
Table 1
Transport Calculations for Different Water Mass Deﬁnitions in VIKING20 in Comparison With the Transports Calculated From Observations (Last Two Lines ‘‘Obs.’’),
Published in Zantopp et al. (2017)
Water mass definitions
Literature Adjusted
Depth (m) r2 (kg m
23) r0 (kg m
23) r2 (kg m
23)
NADW LSW LNADW NEADW DSOW LSW LNADW NADW LSW LNADW NEADW DSOW LSW LNADW
>400
400–
1,850 >1,850
1,850–
2,800 >2,800
400–
36.96 >36.96 >27.68
27.6–
27.8 >27.8
27.80-
27.88 >27.88
400 m–
37.03 >37.03
Mean water mass boundary deﬁnition 1958–2009
Model 1958–2009 Mean 27.2 16.5 10.7 10.2 0.5 8.4 18.8 29.9 5.1 24.8 20.8 4.0 16.7 10.5
r 17.2 8.3 9.2 5.4 3.9 4.4 13.0 20.6 5.9 16.0 10.2 6.1 8.3 9.2
Monthly water mass boundary deﬁnition
Model Su 1958–2009 Mean 21.3 13.7 7.6 7.1 0.5 6.5 15.1 26.3 5.8 20.5 18.1 2.4 13.2 8.2
r 9.5 5.3 4.8 2.6 2.7 3.8 8.3 11.5 5.2 10.7 8.3 3.7 5.1 5.1
Model 1958–2009 Mean -See mean ﬁeld values- 7.9 19.3 29.7 5.1 24.7 21.5 3.3 17.1 10.0
r 5.3 14.7 20.9 5.4 18.0 12.6 5.98 8.6 9.1
Northwest return ﬂow
Model Su 1958–2009 Mean 11.6 7.3 4.3 2.5 1.8 4.2 7.6 15.2 4.2 11.1 8.6 2.5 7.1 4.5
r 6.8 3.9 3.3 1.7 1.8 2.8 5.5 8.4 3.8 7.6 6.0 2.3 3.8 3.4
Model 1958–2009 Mean 17.7 10.1 7.6 5.0 2.6 5.2 13.0 24.8 6.7 18.1 14.3 3.8 10.4 7.3
r 12.5 6.4 6.3 3.8 2.5 4.1 10.8 15.9 5.5 14.1 11.1 3.5 6.6 6.1
Southeast outﬂow
Model Su 1958–2009 Mean 33.0 21.1 11.9 9.6 2.3 10.7 22.7 41.5 9.9 31.6 26.7 4.9 20.3 12.6
r 5.7 3.1 3.0 1.8 1.5 4.0 7.9 6.5 7.1 10.2 9.1 2.4 3.1 3.4
Model 1958–2009 Mean 44.9 26.6 18.3 15.2 3.13 13.1 32.3 54.6 11.7 42.9 35.8 7.1 27.5 17.4
r 8.8 4.1 5.1 3.0 2.3 5.7 11.3 10.4 6.4 12.7 10.5 3.9 4.3 5.4
Obs. 1997–2014 Mean 31.2 15.3 16 5.1 10.9 14.5 15.8 11.1 4.6
r 5.5 3.3 3.4 1.3 2.3 3.8 3.8 2.7 1.3
Note. Transports are calculated for the mean ﬁeld (1958–2009) and the monthly derived ﬁelds of density (r0, r2) and depth. The net transport presented in
Lines 1–3 is the sum of the northwestward and southeastward ﬂows at 538N observatory (calculation described in section 2.4) Lines 4–7. Model Su presents the
output for the subsampled and interpolated model output (2,000 m horizontal and 20 m vertical). The boxes are included to facilitate orientation during the dis-
cussion in the text.
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in comparison to the full model resolution transports in order to verify the quality of the observed data.
Hence, the model was subsampled to reﬂect the observational data density in the moored array (Figure 2b,
horizontal and vertical subsamplings to a virtual mooring array) and then treated with a Gaussian interpola-
tion algorithm, which is similar to the treatment of the mooring data in Zantopp et al. (2017). The spatial
scales in the model were deduced from the mean structure of the velocity ﬁeld (Figure 2c) and the virtual
moorings were positioned to resolve the major features of the mean model ﬂow ﬁeld at 538N section. The typ-
ical horizontal scales of the boundary current were found to be of 20–50 km (cf. ﬁrst baroclinic Rossby radius
10 km), and vertical scales of several hundred meters to more than 1,000 m in the LSW range. These scales
are similar to the scales found in observations (Zantopp et al., 2017). Thus, the virtual array corresponds to the
‘‘full’’ observational array composition at 538N (2012–2014) (Zantopp et al., 2017) and produces gapless
monthly data. The new, interpolated grid has 2,000 m horizontal and 20 m vertical resolution. The
Figure 7. (a) AMOC at 26.58N calculated as maximum of the stream function at 26.58N in the model (black) and from RAPID-MOCHA-WBTS array observations
(grey/blue) (Smeed et al., 2016). (b) July–June annual mean index of AMOC at 26.58N and southeastward transports of LSW and LNADW at 538N section computed
from the full resolution model output. (c) July–June annual means with 2 year low-pass ﬁlter. (d) Spectrum computed from RAPID monthly mean observational
data with Lomb-Scargle Fourier transformation. The conﬁdence bounds are calculated by Monte Carlo approach with 1,000 realizations of pure red noise (AR1 pro-
cess) containing same autocorrelation, mean, variance, and data distribution as data. The upper 0.95 conﬁdence boundary is marked with a dashed line, whereas
the 50% mean state is marked with the lower solid line. The conﬁdence interval is shaded grey. Every value that exceeds the upper solid line is a signiﬁcant value.
(e) Spectrum computed from monthly mean model AMOC at 26.58N with the same algorithm as in Figure 7d.
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interpolation method works like a spatial low-pass ﬁlter. The subsampling therefore produces different trans-
port values with lower variability than in the full resolution transport calculations (Figure 4 and Table 1). The
Gaussian interpolation resolves the general structure properties of the currents observed and modeled along
the 538N array (Figure 2). The net, southeastward and northwestward transports for the full resolution model
output (Table 1—Model), the subsampled and interpolated model output (Table 1—Model Su (subsampled))
and the observations are presented in Table 1 and are discussed in detail in section 3.2.
Additionally to the study of the DWBC at 538N, the AMOC transport at 26.58N was computed outside the
high-resolution nest of VIKING20 model (global conﬁguration ORCA025) as the stream function for the zon-
ally integrated meridional volume transport in depth coordinates. The resulting AMOC transport time series
was then compared and analyzed with respect to the observational data from the 26.58N RAPID-MOCCA
observational array (Smeed et al., 2016) (section 3.2.1).
2.5. Variability Analysis
For spectral analysis of the transport time series, Lomb-Scargle Fourier transformation was used (Lomb,
1976; Scargle, 1982). The conﬁdence bounds were calculated using Monte Carlo approach with 1,000
Figure 8. Lomb-Scargle periodogram of the southeastward transport time series of LSW and LNADW. The 95% conﬁdence level is marked with the upper dashed
line and the 50% mean state is marked with the lower solid line. The conﬁdence interval is shaded grey. Every value that exceeds the upper solid line is a signiﬁ-
cant value. Periodogram for (a and b) observational data; (c and d) VIKING20 subsampled transport data; (e and f) the full model resolution transport time series;
(g) the Lomb-Scargle periodogram of the Winter (December–March) NAO (COREv.2); and (h) the ﬁrst principal component (PC1) of the winter wind stress curl in
the subpolar North Atlantic basin computed from VIKING20 output. Conﬁdence intervals are marked as in Figure 7.
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realizations of pure red noise (AR1 process) containing the same autocorrelation, mean, variance, and data
distribution as the data (Overland et al., 2006; Rudnick & Davis, 2003). This method was used since the
length of the observed transport time series is too short for other conﬁdence estimation. For consistency
the same method was used for the observational and model data, even though the length of the model
data would permit other techniques. In Figures 7d, 7e, and 8a–8e, the 95% conﬁdence level is marked with
the upper dashed line and the 50% mean state is marked with the lower solid line. The conﬁdence interval
is shaded grey in every spectral ﬁgure. Every value that exceeds the upper solid line is a signiﬁcant value.
In this whole article, the signiﬁcance threshold for all given Pearson correlation coefﬁcients was set at
p 0.05. The correlation values are given with the mean of their respective conﬁdence interval, which
implies signiﬁcance if small compared to the correlation value (e.g., 0.996 0.001) and no signiﬁcance if
greater than the R-value (e.g., 0.46 0.5). If the conﬁdence interval contains the zero value, the R-value is not
signiﬁcant.
3. Results
3.1. The DWBC at the 538N Array—Mean Flow in Observations and Model
In observations the boundary current system at 538N contains a deﬁned velocity maximum at the surface,
the Labrador Current extending down to about 500 m, a weakly sheared current in the LSW density range
and a deep velocity maximum of the DWBC at depth with very stable velocities, with maximum speeds
reaching 40 cm s21 and annual averages of typically 25 cm s21 (Figure 2a). Hence, the velocity structure of
the DWBC at the 538N section is baroclinic. The seaward current structure is more barotropic and less distin-
guished in depth and the captured northwestward recirculation ﬂow is not very strong with velocities of
about 3 cm s21 (Zantopp et al., 2017). This structure has been characterized as a robust feature over the last
two decades (Dengler et al., 2006; Fischer et al., 2014; Zantopp et al., 2017).
The mean circulation deduced from full resolution VIKING20 at 1,500 m reproduces the structure of the hor-
izontal circulation (Figure 5). VIKING20 captures the mean current strength, width and location of the upper
and deep core of the western boundary current, as well as the bottom intensiﬁcation at the 538N section
(Figures 2b and 2c). Comparing the observational mean velocity ﬁeld with the model mean velocity ﬁeld, in
both, the upper velocity maximum stretches down to about 500 m. It has a magnitude of 25 cm s21, 10 cm
s21 stronger in the model than in the observations. Within the uncertainties, the maximum mean bottom
velocity is similar in the model (23 cm s21) and in the observations (19 cm s21). Furthermore, the western
boundary current band is less vertically sheared in the model than in the observations. The model contains
a stronger southeastward and northwestward ﬂow components and the 0 cm s21 isotach is shifted toward
the Labrador shelf break. Hence, the model DWBC is slightly narrower in the mean than in the observations.
3.1.1. Subsampling to Idealized Mooring Array
A well-known challenge in designing mooring arrays is the lateral extent and offshore termination of the
array. In the case of the boundary current observatory at 538N, the position of the core of the DWBC is rela-
tively stable (Zantopp et al., 2017). Depending on the spatial scales of variability at the respective region,
the terminating mooring should always be positioned such that it captures the transition to a possible recir-
culation via the 0 isotach, thereby terminating the dynamical offshore edge of the boundary current. In
high-energy environments, this can be very challenging due to submooring resolution dynamics such as
eddies. To clarify whether eddies are common or temporarily changing the velocity structure at the moor-
ing array additional data analysis of satellite data (sea surface height), ARGO ﬂoats, surface drifters, or ship
sections is needed in order to estimate the implied uncertainties due to eddies.
To evaluate the capabilities of the 538N array to capture variability and transport of LSW and LNADW, an
idealized mooring array was situated at locations in the model comparable to the positions in the observa-
tions (section 2.4). The subsampled array data are available at the temporal resolution of the model
(monthly mean data). In contrast to the observations, where a mean ADCP proﬁle is used as a terminating
proﬁle for the Gaussian interpolation, the model contains a terminating mooring at the end of the section
for each time step. When using a mean proﬁle to terminate the array in the model subsampling, the south-
eastward export from the Labrador Sea at 538N was highly correlated with the full model resolution south-
eastward transport time series. However, the mean northwestward recirculation NADW transport was
reduced by 3 Sv to 8.81 63.66 Sv in comparison to the monthly termination (cf. Table 1, Line 4 NADW
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transport: 11.66 6.8 Sv) and its long-term variability was changed in comparison to the monthly termina-
tion. Furthermore, the mean proﬁle termination introduces a monthly transport variability of6 5 Sv in com-
parison to the transports calculated with the monthly proﬁle termination.
Using a mean proﬁle from a collection of shipboard measurements and other available data (e.g., Argo, sur-
face drifters, AVISO SSH) to terminate a mooring array already provides enough information for the 538N
array to capture the southeastward transport variability of LSW and LNADW. Hence, these results support
the assumption that the position of the termination of a mooring array to estimate transports is crucial to
the captured (long-term) variability and net volume transport by the array.
3.2. Transport and Variability in Observations and Model
Robust integral quantities for comparison between model and observations include not only the mean ﬂow
structure and magnitude but also interannual to long-term variations in the computed transport estimates.
3.2.1. The AMOC at 26.58N
The AMOC transport was calculated from the 0.258 global conﬁguration (ORCA025) of the VIKING20 model
(section 2.4, Figure 7). The mean model AMOC transport and its standard deviation for the overlapping 5
year periods, from April 2004 to December 2009, ranges within the observational data errors (model:
21.76 2.4 Sv, observations: 17.96 3.5 Sv (Smeed et al., 2016)). AMOC estimates from both, observations as
well as the model, indicate variability of the same magnitude as the mean transport on interannual and sea-
sonal time scales and smaller variability on multiannual to decadal time scales (see Buckley and Marshall
(2015) for a recent AMOC review). At the same time, the observed and modeled monthly AMOC time series
are not correlated strongly (0.446 0.2). The model AMOC transport increases by 2.4 Sv from 1958 to 2009
and its mean is slightly smaller (216 2.8 Sv) than in the overlapping period where no trend could be
detected. Spectral analysis of both, model and observation (Figures 7d and 7e), show a signiﬁcant peak for
the annual time scale. Due to the limited length of observational data, a spectral comparison is not possible
on longer time scales.
Comparing the model transport indices of the AMOC at 26.58N and the southeastward transports of LSW
and LNADW at the 538N array, we ﬁnd increasing signiﬁcant correlation (up to 0.96 0.02) on multiannual
and longer time scales (Figures 7b and 7c). For the monthly transport time series at both locations, the cor-
relations were low <0.5. A similar relation was found in previous studies, where enhanced meridional coher-
ence on longer time scales indicates the potential of the DWBC to serve as a subpolar transport index of the
AMOC, as DWBC transports show a similar long-term variability as the AMOC (B€oning et al., 2006; Buckley &
Marshall, 2015).
3.2.2. The DWBC at 538N
The mean transports for the full resolution model section, the subsampled model section, and the observa-
tional data are presented with their respective standard deviations in Table 1. The net along-topography
transports for the full model resolution (Table 1—Model) and the subsampled and interpolated model
(Table 1—Model Su) show a transport difference in NADW (i.e., sum of southeastward and northwestward)
of about 20% (Model 27.26 17.2 Sv/Model Su 21.36 9.5 Sv, Table 1, Lines 1 and 2). The southeastward
NADW transport computed from the subsampled model section (336 5.7 Sv) is very close to the southeast-
ward NADW transport calculated from observations (31.26 5.5 Sv) (Zantopp et al., 2017) and even the over-
all statistical variability is similar. The southeastward transport computed from the full model resolution
exceeds this observed value by more than 10 Sv at 44.96 8.8 Sv. The subsampled model reproduces about
70% of the original model southeastward transport (Figure 4 and Table 1, southeastward outﬂow).
However, the northwestward return ﬂow is stronger in the model (17.76 12.5 Sv, subsampled 11.66 6.8 Sv)
than in the observations (between 3 and 4 Sv) (Zantopp et al., 2017) (Figures 3 and 5, Table 1). The recircula-
tion ﬂow is not well captured by the observational mooring array and only recently a mooring was added
at the deep-water tail of the array. This may in part explain the low representation of the northwestward cir-
culation in the transport estimates from the observational data.
The partitioning of the NADW transport in the DWBC into LSW and LNADW components and their respec-
tive variances is strongly inﬂuenced by the displacement of the mean water mass boundary to 220 m
deeper than in the observations (Figures 6a and 6b) and the model’s more barotropic velocity structure at
the 538N array, where higher velocities than in the observations are found in the LSW layer (see r0/r2 deﬁni-
tions in Table 1). The estimation of the respective model transports with the previously described water
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mass boundary between LSW and LNADW results in magnitudes of
southeastward transport in the subsampled model (LSW 20.36 3.1
Sv/LNADW 12.66 3.4 Sv), which are comparable (within their standard
deviations) with the observed values (LSW 14.56 3.8 Sv/LNADW
15.86 3.8 Sv). The standard deviation of the northwestward transport
is in the same range of magnitude as the mean northwestward trans-
port itself (Lines 4 and 5 in Table 1). In comparison, the southeastward
transports have smaller standard deviations than the mean, which are
more comparable to the observed values (20% of the mean trans-
port value). The major part of the variance of the net export at 538N is
caused by the northwestward transport (Line 3, Table 1).
The southeastward transport time series of LSW and LNADW com-
puted in VIKING20 (full resolution and subsampled) covary strongly
(Table 2) and contain higher variability on the interannual to multiannual time scale than found in the
observations (Figure 4). Furthermore, the results of the spectral analysis of the southeastward model
transport time series of LSW and LNADW resemble each other in the high-frequency range (<2 years; Fig-
ures 8c–8f). The spectra show signiﬁcant peaks at 9, 4, and 2 years for LSW and 11 years for LNADW sub-
sampled southeastward transport and at 4 and 1 years for LSW and 11 and 1.5 years for LNADW
southeastward full model resolution transport. High-frequency variability dominates both of the full (Fig-
ures 8e and 8f) and subsampled (Figures 8c and 8d) model transport time series. The southeastward
model LNADW component shows a signiﬁcant peak at 11 years, this is similar to the observations, where
the LNADW transport component contains a quasi-decadal spectral peak, which is not apparent in the
LSW transport spectrum. Similar to the study of the 0.088 resolution HYCOM model by Xu et al. (2013), the
temporal variability in VIKING20 is lower on interannual and longer time scales than on shorter time
scales (<1 year).
In contrast to the model transport time series, the observed transport time series of LSW and LNADW at
538N section (Figures 4a and 4d) appear less similar to each other and produce two distinct spectra in which
different periods dominate (Zantopp et al., 2017) (Figures 8a and 8b). In the observational data time series,
well-deﬁned peaks at 9 months and 6 years for LSW and 9 months and 8 years for LNADW are present. The
high-frequency peaks could be caused by topographic waves, whereas the longer periods could be related
to basin scale forcing (Brandt et al., 2004; Lilly et al., 2003).
The visual impression of spectral similarity of the model time series is supported by a high correlation coefﬁ-
cient of the transport time series of the two NADW components. The model transport time series (1975–
2009) of LSW and LNADW are signiﬁcantly correlated with 0.656 0.07 for the monthly values and 0.456 0.1
for the 2 year low-pass ﬁltered signal (Table 2). The observational data yields much lower correlation values
with 0.36 0.04 for the monthly mean values and 0.26 0.05 for the 2 year low-pass ﬁltered signal. In both,
model and observations, the 2 year low-pass ﬁltered time series of LSW and LNADW are less correlated with
each other than the monthly time series. The difference between the correlations of the monthly time series
and the low-pass ﬁltered time series is very similar in the model and the observations (0.2) (Table 2). The
stronger barotropic nature of the model can cause higher correlation than in the observations.
In observations, the linkage between periods of intense deep convection (related to the formation of LSW,
e.g., mid-1990s, Figure 3) to an enhanced export of LSW from Labrador Sea is discussed in various papers
using indirect methods (Bower et al., 2009; Lazier et al., 2001; Molinari et al., 1998). In this case, only the
transport of LSW should be affected in the respective period. On the other hand, a response of LSW and
LNADW could be a result of strong basin wide atmospheric forcing over the subpolar North Atlantic (strong
NAO and associated wind stress curl). This would increase the correlation between LSW and LNADW for the
respective period.
Since we are interested in the multiyear to quasi-decadal variability of the transport time series and the
overall length of the observed time series is close to 20 years, the model time series of LNADW and LSW
southeastward transport were partitioned with a sliding window into 32 segments each 20 years long. Cor-
relations were estimated for each of these 20 year segments to separate intervals of higher and lower corre-
lation between LSW and LNADW transport time series in the model (Figure 9a). The results show high
Table 2
Correlation Coefﬁcient for Observed and Modeled Southeastward Transport
Time Series of LSW and LNADW at 538N Array
Type
Correlation
LSW-LNADW
Observation (1997–2014) Monthly 0.346 0.04
Two year low-pass 0.186 0.05
VIKING20 (1958–2009) Monthly 0.656 0.07
Two year low-pass 0.196 0.11
VIKING20 (1975–1990) Monthly 0.656 0.07
Two year low-pass 0.456 0.1
Note. The coefﬁcients are calculated for monthly data and for the 2 year
low-pass ﬁltered signals.
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correlation for all 20 year segments of the monthly model transport time series (1958–2009) with values
between 0.556 0.08 and 0.796 0.04 and values between 20.416 0.1 and 0.556 0.08 for the 2 year low-pass
ﬁltered signal. The ﬁltered transport time series in the model are low or not correlated for the ﬁrst 26 years
(1958–1984). Then the correlation increases for the period from 1977 to 2005 and leads to a maximum correla-
tion of 0.556 0.08. The higher correlation period 1977 to 2005 coincides with enhanced deep convection in the
1990s (Figure 3). During the rest of the model run, the correlation of the 2 year low-pass ﬁltered LSW and
LNADW is lower and could thus be more related to large-scale wind stress curl than to regional inﬂuences in the
Labrador Sea.
Additionally the cospectrum calculated for the model time series of LSW and LNADW (Figure 9b) shows
high coherence (0.6) for the high-frequency part (frequencies up to 1 cycle/yr). The coherence then starts
to decrease at frequencies of 0.5 cycles/yr (2 years) to nearly 0 at 0.1 cycles/yr (10 years). The cospec-
trum phase is low and between 2308 and 908. This implies that the low frequency part of the southeast-
ward transport time series in LSW and LNADW is less coherent than their high-frequency content.
As transport variability may be driven on different time scales by buoyancy and wind forcing, the connec-
tion between model atmospheric forcing and the southeastward transports at the 538N observatory were
analyzed. To study this linkage between transport variability in the two deﬁned water masses LSW and
LNADW at the 538N section in the model, with the applied atmospheric forcing (CORE.v2), the NAO winter
index, the time series of the ﬁrst basin wide winter wind stress curl principle component (PC1), and of the
regional wind stress curl, a correlation calculation was done.
For the period 1958–2009, the winter LSW and LNADW transports
(December–March) are correlated with 0.46 0.2 to the PC1 of the
basin wide North Atlantic winter wind stress curl and with 0.36 0.2
to the NAO djfm index (Table 3). The correlation of LSW and LNADW
to the regional wind stress curl found a maximum correlation near the
Northwest Corner (0.46 0.2) (not shown). Even though these corre-
lations are not high (Table 3), the transport spectra contain some simi-
lar peaks with the NAO and the basin wide winter wind stress curl
(Figures 8g and 8h). The observed southeastward ﬂowing LNADW
(Figure 8b) shows an 8 year peak similar to the NAO spectrum
(Figure 8k).
Figure 9. (a) Correlation coefﬁcient of LSW and LNADW southeastward transport time series. The monthly data correlation (black dots) and the correlation of the 2
year low-pass ﬁltered signal (grey diamond) are computed for 20 year windows in VIKING20. The data point is situated in the middle of the 20 year window and
the conﬁdence interval is shaded in grey around the data points as explained in section 2.5. (b) Cospectrum for the LSW and LNADW southeastward transport
time series from VIKING20.
Table 3
Correlation Coefﬁcient for Modeled Southeastward Winter (December–March)
Transport Time Series of LSW and LNADW at 538N Section With the PC1 of the
Winter (December–March) Wind Stress Curl Over the North Atlantic and the
Winter (December–March) NAO Index
VIKING20
(1958–2009)
North Atlantic wind
stress curl PC1 NAO
LSW 20.46 0.2 0.26 0.2
LNADW 20.36 0.2 0.36 0.2
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4. Discussion and Conclusions
This study identiﬁed robust and comparable features in a high-resolution hind-cast model and almost two
decades of velocity and hydrographic observations from the lower limb of the AMOC at the exit of the Lab-
rador Sea at 538N. Below the results are discussed in the following order: After addressing the spatial and
temporal characteristics on the subpolar gyre scale, we discuss possible challenges connected to the model
setup and the applied atmospheric forcing. Then the focus is shifted to the region of the 538N mooring
array followed by a more detailed discussion of the possible limitations of the mooring array and our
conclusions.
First, gyre scale horizontal maps of the mean velocity ﬁeld and the winter maximum mean mixed layer
depths were analyzed from Argo data (Holte et al., 2017) as well as from the model output (Figure 5). The
model reproduces the main observed structures of the horizontal circulation and the depth and structure of
the maximum winter mixed layer depth in March in the subpolar North Atlantic. However, in comparison to
observations (Figure 5a) (Yashayaev & Loder, 2016), in the model, the region with deep reaching mixed
layers is stretched further southeastward into the region of the boundary current regime. Other model stud-
ies with eddy-resolving model conﬁgurations, e.g., Brandt et al. (2007) (1/128 FLAME) found a comparable
horizontal shift of the mean March mixed layer pattern. This southward stretched region of maximum
mixed layer depth could explain the main export pathway of LSW via the DWBC in the model (Brandt et al.,
2007). It seems that the pattern of the deepest mixed layer depth in the VIKING20 model is different for
periods with deep convection and ‘‘normal’’ years. Where in ‘‘normal’’ years (e.g., 1999–2009, Figures 3 and
5d), the shift to the south into the boundary current regime is apparent, in years of deep convection (e.g.,
1990–1998, Figures 3 and 5c), the MLD pattern is centered in the central Labrador Sea. The mechanisms
causing the shift of the deepest mixed layer position in the model are unknown presently. The dynamic
‘‘isolation’’ of the convection zone from the DWBC via the anticyclonic recirculation in Labrador Sea as found
in observations is only reproduced in the model for the period of deep convection (Figure 5c). In ‘‘normal’’
years without enhanced mixed layer depths, the model convection reaches into the boundary current
regime (Figures 5b and 5d).
Despite these discrepancies, the model is able to reproduce the observed hydrographic changes from 1960
to 2009 in the central Labrador Sea including similar winter mixed layer depths (Figures 3 and 5). Although
the model hydrography is very different than the observed, it reproduces the cooling of the intermediate
water masses (500–2,500 m) during the early 1990s and the warming since the 1990s.
In a previous study (B€oning et al., 2016), the change in deep convection during the 1990s was found to
have a direct impact on the AMOC. We investigated several periods with strong convection in the model
and there was no signiﬁcant response seen in the boundary circulation downstream from the convection
sites. This is contradictory to previously published observed and modeled results, which found a response
of the boundary current intensity to enhanced deep convection (H€akkinen & Rhines, 2004; Xu et al., 2013).
Some past studies related the strength of the DWBC to the North-South position of the Gulf Stream, which
could introduce buoyancy anomalies due to large North-South shifts in the buoyancy gradient position
(Joyce & Zhang, 2010; Pe~na-Molino et al., 2011; Pe~na-Molino & Joyce, 2008; Toole et al., 2011). Other studies
related the strength of the DWBC to changes in the strength of the subtropical and subpolar gyre driven by
changes in the wind stress curl (related to NAO) (H€akkinen & Rhines, 2004; Hatun et al., 2005). This indicates,
that the DWBC transports in previous studies as well as in the VIKING20 model are not simply linearly
related to the buoyancy forcing but to a complex mixture of atmospheric and buoyancy responses.
As a proxy for the basin scale baroclinicity we constructed a gyre scale isopycnal-depth gradient by using
the depth of the above deﬁned water mass boundary between LSW and LNADW in the central Labrador
Sea and at the boundary current at the 538N section (Figure 6). The depth gradient in the model is less pro-
nounced than in the observations, which has an impact on both, layer thickness as well as the gyre scale
baroclinicity. This implies that the observations are more baroclinic than this model. Although more baro-
tropic than the observations, the vertical structure of the horizontal velocity in VIKING20 at 538N appears
less barotropic than in the study of Xu et al. (2013) with the 0.088 HYCOM model.
Second, ocean models are generally set up to reproduce speciﬁc aspects of the ocean dynamics. This can
lead to weaknesses of the model in ocean dynamics, which are not in the focus of the model setup.
VIKING20 reproduces the magnitude and interannual to seasonal variability of the observed AMOC and
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DWBC transport, but it shows different variability on longer time scales at 538N, a too saline and warm
hydrography and a northward shift of the Northwest Corner (Breckenfelder et al., 2017). The weakness of
the VIKING20 model to reproduce realistic salinities (generally too high) is likely related to the precipitation
reduction that was adopted north of 628N, where the precipitation from atmospheric reanalysis forcing is
reduced by 10% to account for uncertainties in the freshwater ﬂuxes in CORE.v2 and counter act a long-
term drift in water masses. The inﬂuence of the reduced precipitation on the AMOC in the global conﬁgura-
tion (ORCA025) of the VIKING20 model north of 558N was evaluated in sensitivity experiments in Behrens
et al. (2013) and was found to have a massive impact on the AMOC strength and long-term trend. Since
VIKING20 only contains reduced precipitation north of 628N the inﬂuence should be less than in this previ-
ous study since the subpolar North Atlantic is only partially, not fully affected by the rain reduction. Further-
more, VIKING20 contains a very weak sea surface salinity (SSS) restoring toward climatology. There is no SSS
restoring applied near rivers and in regions where sea ice is present as well as around Greenland (Behrens
et al., 2017) and there is no salt restoring in the Gulf of Cadiz (Mediterranean outﬂow). This potentially gen-
erates too high salinity values in the intermediate water masses in VIKING20, which could have a far reach-
ing impact on the gyre scale salinity (Treguier et al., 2012a, 2012b).
Third, the model was subsampled with an idealized mooring array to evaluate the performance of boundary
current arrays, with a particular emphasis on the interior termination of the boundary current. The array in
the model was able to capture the variability and 70% of the entire southeastward transport. Until
recently, the 538N observatory only partially captured the recirculation (Zantopp et al., 2017). In May 2016, a
dedicated mooring was added to act as a terminating mooring.
Structural analysis of the velocity ﬁeld at 538N and the respective transports can be conducted. But due to
the interpolation of the measured velocities to a regular grid, the transport signals are spatially low-pass ﬁl-
tered in the observations.
The water mass deﬁnition to compute transports in the observations is computed from the CTD sections
collected during the service cruises, which are seasonally biased. However, as Zantopp et al. (2017) showed,
the water mass boundary in r2 is rather stable in depth over the period of service cruises; hence, a depth
deﬁnition of the water mass transport calculations served very well at 538N.
The 538N array was designed to be located well downstream of main convection sites of the inner Labrador
Sea and well upstream of the northward extension of the NAC and its Northwest Corner. At 538N the shelf
break is rather steep and consequently topographic waves in the boundary current regime are dominated by
short time scales (around 10 days) and a rather narrow frequency band (Fischer et al., 2014). In comparison
with the position of the 538N array, at other possible DWBC locations in the subpolar regime (e.g., the Grand
Banks (Clarke et al., 1980; Schott et al., 2006)) the topography is more complex leading to multiple frequencies
and longer periods. Additionally when the Gulfstream/NAC is directly in contact with the DWBC, transport esti-
mates are more difﬁcult to obtain in terms of instrument coverage and subsequent analysis of the measured
ﬂow ﬁeld (Spall, 1996). These results imply that for boundary current mooring arrays like 538N, the terminating
mooring is crucial to correctly capture the variability of the boundary current by resolving the transition zone
between the (southeastward) ﬂow and the (northwestward) recirculation.
Fourth, transport time series of the two water masses LSW and LNADW were computed from both, model
and observational data, and were analyzed for the 538N section. In the observations, the spectra of LSW and
LNADW show different behaviors on longer time scales. The respective formation locations, history, and
forcing mechanisms could cause this difference on longer periods in the spectra. In comparison to this, the
model spectra are more similar in the high-frequency regime and the transport time series of LSW and
LNADW are very coherent.
The model and the observations show comparable mean transports and variance for the southeastward
transport exiting Labrador Sea. Furthermore, the variability in both is similar on interannual time scales.
Nevertheless the spectral composition of LSW and LNADW transport at 538N and the AMOC estimate at
26.58N in the model and the observations differ on longer than annual time scales and the model contains
frequency bands, which are not found in the observations (Figures 7d, 7e, and 8).
The model suggests high correlation on longer time scales between the AMOC transport at 26.58N and the
LSW and LNADW southeastward transports at 538N array (Figure 7). Due to the limitation to two decades of
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comparable observational transport time series at, e.g., at 538N and Ovide, and even less than that for
RAPID-MOCHA, the analysis of the correlation of these longer time scales is not yet possible. However, on
short time scales, the model and observations both show low to no correlation of the AMOC with the
DWBC transport at 538N.
Previous studies found that the AMOC variability is sensitive to the model parameterization, which inﬂuen-
ces the water mass formation through convection and mixing and the formation of baroclinic Rossby waves
through atmospheric forcing (Buckley & Marshall, 2015). Since VIKING20 reproduces the winter convection
depth and location reasonably well (although shifted to the southwest into the boundary current region),
and it reproduces the spatial pattern of the ﬁrst EOF mode of the winter wind stress curl in the observations
(H€akkinen & Rhines, 2004), the connection between model transports at 538N section and the applied wind
forcing was analyzed. Because, at these latitudes, the baroclinic Rossby wave phase speed is low and the
respective ﬁrst baroclinic Rossby radius is small (Chelton et al., 1998), a quick barotropic model response
would be expected on high-frequency, large-scale forcing variations. The baroclinic response takes longer
and therefore the ocean acts as a low-pass ﬁlter that integrates the high-frequency wind stress forcing
(Fedorov, 2008). We found that the modeled transports at 538N are correlated slightly stronger to the basin
wide wind stress curl than with regional wind stress curl. In contrast to this model result, Zantopp et al.
(2017) found that in observations the near decadal ﬂuctuations of LNADW transport are in phase with the
NAO modulated wind ﬂuctuations.
A possible reason for this model-observation divergence in the correlations might be the nature of the applied
atmospheric forcing. By assimilating observational data and constructing coarse reanalysis forcing products
like the COREv.2 forcing, with a resolution of 28 3 28, small-scale variability of the wind ﬁeld is lost. These
small-scale signals could play an important role interacting with the DWBC in the subpolar North Atlantic. The
response of the model to small-scale wind forcing, e.g., on the continental shelves, in the region of interest
can therefore not be evaluated. However, the exact interaction mechanisms of atmospheric forcing, hydrogra-
phy, and velocity ﬁeld in midlatitudes are still not understood and remain a topic for further research.
As shown and discussed above, the VIKING20 model is a valuable tool evaluating observational time series
like the mooring time series obtained from the 538N observatory. A number of integral properties can be
equally well deﬁned and evaluated in model and observations. Despite the shortcomings of the model in
comparison to the observations, in particular the different hydrography and the southwestward stretching
of the convection into the boundary current regime, it can be used for further studies of possible mecha-
nisms imprinting variability on the large scale in the model setup. Hence, the results of this study conﬁrm
that the observational effort needs to continue for longer time periods, to open up the possibility to analyze
longer time scale variability and its connections to the atmospheric forcing. Comparisons like these allow
the evaluation and veriﬁcation of hind-cast models and forecast models on time scales longer than decadal.
Such an observational effort would further increase the value of the time series at 538N in the context of
understanding the AMOC system and its transport variability. The limited length of observational records
allows the observation of baroclinic Rossby waves in subtropical latitudes on shorter time scales, but leaves
a challenge for the latitudes of the subpolar gyre due to the slow phase speed. In particular, the exact
mechanisms at play of the basin wide baroclinic response of the boundary currents and the AMOC trans-
port to the wind forcing attract future research interest.
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